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ABSTRACT

New estimates of the poleward energy transport based on atmospheric reanalyses from the National Centers
for Environmental Prediction–National Center for Atmospheric Research (NCEP–NCAR) and the European
Centre for Medium-Range Weather Forecasts are presented. The analysis focuses on the period from February
1985 to April 1989 when there are reliable top-of-the-atmosphere radiation data from the Earth Radiation Budget
Experiment. Annual mean poleward transports of atmospheric energy peak at 5.0 6 0.14 PW at 438N and with
similar values near 408S, which is much larger than previous estimates. The standard deviation of annual and
zonal mean variability from 1979 to 1998 is mostly less than 0.15 PW (1%–3%). Results are evaluated by
computing the implied ocean heat transports, utilizing physical constraints, and comparing them with direct
oceanographic estimates and those from successful stable coupled climate models that have been run without
artificial flux adjustments for several centuries. Reasonable agreement among ocean transports is obtained with
the disparate methods when the results from NCEP–NCAR reanalyses based upon residually derived (not model-
generated) methods are used, and this suggests that improvements have occurred and convergence is to the true
values. Atmospheric transports adjusted for spurious subterranean transports over land areas are inferred and
show that poleward ocean heat transports are dominant only between 08 and 178N. At 358 latitude, at which the
peak total poleward transport in each hemisphere occurs, the atmospheric transport accounts for 78% of the
total in the Northern Hemisphere and 92% in the Southern Hemisphere. In general, a much greater portion of
the required poleward transport is contributed by the atmosphere than the ocean, as compared with previous
estimates.

1. Introduction

Radiative processes continually act to cool the high
latitudes and warm the low latitudes of the earth, and
it is only the poleward energy transport by the atmo-
sphere and the oceans that serves to offset this. Early
studies that tried to apportion how much each compo-
nent contributed first estimated the required poleward
heat transport from satellite measurements, then com-
puted the atmospheric transports from observations, and
finally computed the ocean transports as residuals.
Moreover, this was done using zonal means (Vonder
Haar and Oort 1973; Oort and Vonder Haar 1976; Tren-
berth 1979; Masuda 1988; Carissimo et al. 1985; Sav-
ijärvi 1988; Michaud and Derome 1991). This procedure
not only assumes that the atmospheric transports are
correct, it also assumes they are correct over both land
and ocean, yet subsequent analyses (e.g., Trenberth and
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Solomon 1994) have found that there are implied sub-
terranean transports in land areas, whereas physical con-
straints ensure that any such transports must be tiny as
they can arise only from surface and groundwater flows
plus conduction. As estimates of direct global ocean heat
transports emerged (Bryden 1993), it became apparent
that the atmospheric transports were likely to have been
underestimated.
The studies of Vonder Haar and Oort (1973) and Oort

and Vonder Haar (1976) for the Northern Hemisphere
(NH) and Trenberth (1979) for the Southern Hemisphere
(SH), as well as those from Carissimo et al. (1985) and
Savijärvi (1988) made use of radiosonde data, but the
uncertainties in the atmospheric heat transports are sub-
stantial because of lack of observations over the oceans.
The uncertainties are apparent at 708S in the Carissimo
et al. and Savijärvi results, for instance, where there is
no ocean but their residuals imply a large poleward heat
transport by the ocean. Moreover, use of global analyses
(Masuda 1988) indicated larger estimates of poleward
atmospheric transport apparently because radiosondes
fail to pick up the substantial heat transports over the
oceans. However, there has been a steady trend of in-
creases in the magnitude of the poleward energy trans-
ports in both hemispheres as atmospheric analyses have
improved, and this has continued with the recent re-
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FIG. 1. TOA annualized ERBE zonal mean net radiation (W m22)
for Feb 1985–Apr 1989.

FIG. 2. The required total heat transport from the TOA radiation
RT is given along with the estimates of the total atmospheric transport
AT from NCEP and ECMWF reanalyses (PW).

with those of the assimilating-model first guess (Tren-
berth et al. 2001b). Two spurious discontinuities are
present in tropical temperatures, with jumps to warmer
values throughout the Tropics below 500 mb in late 1986
and early 1989, and further spurious interannual vari-
ability is also present. These features are also reflected
in the specific humidity fields. The temperature dis-
crepancies, which were identified initially using micro-
wave sounder unit data, have a complex vertical struc-
ture with height (warming below 500 mb but cooling
in the layer above), and these problems affect moist
static energy profiles and therefore poleward heat trans-
ports. The time series of tropical temperatures from the
NCEP reanalyses are more consistent than those from
ECMWF, and so only the NCEP results are used to
examine the time series of variability.
The divergence of the monthly mean vertically in-

tegrated atmospheric energy transports from the two
centers were compared for 1979–93 in Trenberth et al.
(2001a). Full maps of the spatial structure of the at-
mospheric energy divergence, the TOA fluxes, the de-
rived surface fluxes, and the correlations and rms dif-
ferences of the monthly means were also given. For the
ERBE period, net surface fluxes from the NCEP and
ECMWF products were compared with each other and
those from short-term (6–12 h) integrations of the as-
similating NWP models and from the Comprehensive
Ocean–Atmosphere Data Set (COADS) (da Silva et al.
1994).
Recent global air–sea flux climatological means based

on ship data (COADS) and bulk formulas (da Silva et
al. 1994; Josey et al. 1999) exhibit an overall global
imbalance; on average the ocean gains heat at a rate of
about 30 W m22. This was adjusted by da Silva et al.
(1994) by globally scaling their long-term flux esti-
mates, but the surface fluxes are not in balance for the
ERBE subperiod. Given that Josey et al. (1999) found
good agreement with buoy measurements in their un-
adjusted flux estimates, the evidence suggests that spa-
tially uniform corrections are not appropriate but should
be done locally. Time series of monthly COADS surface

fluxes are shown by Trenberth et al. (2001a) to be un-
reliable south of about 208N where there are fewer than
25 observations per 58 square per month. In addition,
TOA biases in absorbed shortwave, outgoing longwave,
and net radiation from both reanalysis NWP models are
substantial (.20 W m22 in the Tropics) and indicate
that clouds are a primary source of problems in the NWP
model fluxes, both at the surface and the TOA. As a
consequence, although time series of monthly bulk flux
anomalies from the two NWPmodels and COADS agree
very well over the northern extratropical oceans, these
products were all found to contain large systematic bi-
ases that make them unsuitable for determining net
ocean heat transports.
The surface fluxes can then in turn be integrated me-

ridionally to give the implied ocean northward heat
transports (see Trenberth et al. 2001a). Of the products
examined in that study (two derived, two NWP model,
and COADS, but not including the coupled models dealt
with here) only the derived surface fluxes give reason-
able implied northward ocean heat transports, because
the other three were corrupted by the large systematic
biases.

b. The atmospheric energy transports

The zonal mean TOA energy budget from the ERBE
data (Fig. 1) is used to compute the required poleward
heat transport RT, which is presented along with the
estimated atmospheric transports AT from both reanal-
yses for the same period (Fig. 2). Peak values in the
NH of about 5.0 PW (see also Fig. 6) at 438N greatly
exceed the 3.1 PW of Oort and Vonder Haar (1976) and
also those from the Global Weather Experiment
ECMWF analyses of 4.0 PW (Masuda 1988). In Fig. 3,
we present the mean northward atmospheric energy
transports from NCEP as a function of month, because
this allows a comparison with those of Oort and Vonder
Haar (1976) for the NH. The latter featured peak north-
ward transports of 5.0 PW in December at 638N, values
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FIG. 7. The required total heat transport from the TOA radiation
RT is compared with the derived estimate of the adjusted ocean heat
transport OT (dashed) and implied atmospheric transport AT from
NCEP reanalyses (PW).

cient. This result is especially so at 248N at which lat-
itude no adjustments have been applied to either derived
OT estimate. Further, the adjustments applied south of
308S are miniscule for NCEP but amount to 0.7 PW at
688S for ECMWF OT or 0.4 PW for ECMWF AT (the
difference being integrated effects from the north vs the
south), suggesting also that the latter are less reliable
in absolute values. In the Tropics, the problems with
changes in the observing system, particularly satellite
data, adversely influence the ECMWF results (Trenberth
et al. 2001b), which are not within the error bounds of
the other estimates at several latitudes.
Aside from the North Atlantic, for which the coupled

model results are high for reasons that are beginning to
be understood (section 3c), the largest discrepancy
among the results is in the SH Tropics, where the NCEP-
derived values imply a larger southward transport than
do the direct ocean estimates or the coupled climate
models. This is in a region where Ekman transports play
a key role and surface wind specifications are very un-
certain. For instance, at 118S a change in mean wind
alters the direct estimate from 0.48 to 0.63 PW in the
Atlantic (Holfort and Seidler 2001), and in coupled-
model simulations tropical convergence zones are often
dislocated in some seasons when a spurious ITCZ forms
in the SH, potentially corrupting values in the Tropics
(Boville and Gent 1998).
We have inferred the surface fluxes and thus the zonal

mean ocean heat transports assuming no changes in
ocean heat storage except for those associated with glob-
al warming. The local ocean heat storage change is not
neglible from year to year (Sun and Trenberth 1998),
although it is a reasonable assumption for zonal means
for the four years or so we used here provided that the
global warming trend is factored in, as we have done.
Future computations should factor in the changes in
ocean heat storage to examine the ocean heat transports
locally using this method. Variability in AT from sam-
pling this particular interval is mostly less than 0.05 PW

and is not a major factor, although interannual variability
is not very reproducible between ECMWF and NCEP
reanalyses. TOA radiation fluxes also contain some un-
certainty, and adjustments for expected imbalances at
the TOA may be a refinement worth considering in fu-
ture.
It is important to note that although the ocean heat

transports and surface fluxes derived from the TOA ra-
diation plus the atmospheric transports (the indirect
method) have improved substantially and mostly agree
with the independent estimates the same cannot be said
for the atmospheric NWP model surface fluxes com-
puted with bulk parameterizations, which contain sub-
stantial biases. The NWP models have not yet been
improved to satisfy the global energy budgets in the
same way that the best coupled climate models have,
highlighting the facts that weather prediction is con-
strained by the specification of the SSTs and the models
do not have to get the SST tendencies correct to produce
excellent weather forecasts.
Shortcomings in the hydrological cycle in the NCEP

reanalyses in the Tropics (Trenberth and Guillemot
1998) suggest that they have limitations, although, be-
cause there is huge compensation between the budgets
for dry static energy and the moist component, the total
energy transport is more robustly computed (Trenberth
and Solomon 1994). The discrepancies between the at-
mospheric transports in the two reanalyses suggest that
further revisions will occur, especially regionally. Nev-
ertheless, the results for the ocean heat transports de-
rived from the NCEP reanalyses are in good agreement
with those from the other approaches, suggesting that
the coupled models, the atmospheric transports, and the
independently estimated ocean transports are converg-
ing to the correct values.
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Figure 3: Transport stream function in 106 m3/s from the 16-year average. Some of the
contours in the high latitude Southern Ocean have been omitted. The function is set to
zero on the western boundaries (from a code of B. Klinger).

Figure 4: 106w (z = 117.5 m) in m/s. Regions of suction (wE > 0) and pumping
(wE < 0) are distinct but noisy even after 16 years of averaging. The regions of equa-
torial upwelling (not an Ekman velocity), and subtropical gyre downward pumping are
conspicuous. Complex structures at high latitudes are not discussed in this paper nor is
the non-Ekman flow on the equator. Note the non-uniform contour intervals. White curve
denotes the zero contour. Compare to Fig. 13 in the Appendix., noting the different ranges
and colorbars.
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LONG-TERMGLOBALWARMING SCENARIOS COMPUTEDWITH
AN EFFICIENT COUPLED CLIMATEMODEL
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Potsdam Institute for Climate Research, Telegrafenberg, 14472 Potsdam, Germany

Abstract. We present global warming scenarios computed with an intermediate-complexity
atmosphere-ocean-sea ice model which has been extensively validated for a range of past climates
(e.g., the Last Glacial Maximum). Our simulations extend to the year 3000, beyond the expected peak
of CO2 concentrations. The thermohaline ocean circulation declines strongly in all our scenarios
over the next 50 years due to a thermal effect. Changes in the hydrological cycle determine whether
the circulation recovers or collapses in the long run. Both outcomes are possible within present
uncertainty limits. In case of a collapse, a substantial long-lasting cooling over the North Atlantic
and a drying of Europe is simulated.

1. Introduction

In the present climatic state, the northern North Atlantic and northwestern Europe
are exceptionally warm for their latitude because they benefit from ocean heat
transport. The data analysis presented in Figure 1 illustrates this; annual-mean air
temperatures off Scandinavia exceed the zonal average by more than 10 ◦C. Hy-
drographic measurements (Roemmich and Wunsch, 1985) and simple heat budget
calculations confirm that the thermohaline (i.e., density-driven) component of the
ocean circulation, sometimes dubbed ‘conveyor belt’, is responsible for the unusual
warmth. Paleoclimatic records from Greenland ice cores (Bond et al., 1997) sug-
gest that this mode of operation has persisted, with some smaller fluctuations, since
the last major reorganisation of ocean circulation terminated the Younger Dryas
cold event ca. 11,500 years ago (Severinghaus et al., 1998) and the Holocene began.
The time period before that, going back at least 100,000 years, is characterised by
repeated large cooling and warming events associated with mode changes of the
Atlantic thermohaline circulation (Bond et al., 1993; Dansgaard et al., 1993).
Based on the past instability of the Atlantic ‘conveyor belt’ and on physical

considerations, warnings have been raised repeatedly that anthropogenic climate
change might trigger another instability of the circulation and a severe cooling
over the North Atlantic and parts of Europe (Broecker, 1987, 1997; White, 1993).
A large number of model simulations (reviewed in Rahmstorf et al., 1996) have
confirmed the sensitivity of the circulation to freshwater input and the fact that
a collapse would cause a strong cooling. The pattern of this cooling, seen in
atmospheric models driven by cold North Atlantic conditions (Schneider et al.,
1987) and in coupled models (e.g., Manabe and Stouffer, 1988, and also in the
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CLIMBER-2 model, Ganopolski et al. 1998c), is similar to the pattern of
anomalous warmth shown in Fig. 1. Until now, however, the hypothesis that global
warming could lead to a cooling of Europe has not been supported by model
simulations. None of the published greenhouse scenarios shows such a cooling,
even though most show a decline and some even a complete shutdown of the
thermohaline circulation (Rahmstorf 1997).

We present a new set of long-term greenhouse scenarios which demonstrate
that a permanent and large cooling over the northern Atlantic and parts of Europe
may indeed be triggered by anthropogenic greenhouse gas emissions. Our
scenarios assume that greenhouse gas concentrations will peak in the 22nd century
and decline afterwards. The results suggest that the climate systemmay not recover
from the temporary peak in greenhouse gas concentrations for a very long time, but
may be pushed into a different quasi-stable mode of operation without North
Atlantic Deep Water (NADW) formation. In a sensitivity study we explore the
causes of anthropogenic ocean circulation changes; we find that an initial decline
of the Atlantic circulation over the next century is mainly caused by direct thermal
forcing, while the long-term fate of the circulation is determined by the amount of
freshwater input. We address the uncertainty in the freshwater forcing, the most
probable cause for differences between different models, by introducing a
hydrological sensitivity parameter. Within the current range of uncertainty, both
outcomes of the anthropogenic peak in atmospheric CO2 content are equally
possible: a decline and subsequent recovery or a complete collapse of the Atlantic
thermohaline circulation.
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Figure 1. Deviation of the annual-mean surface air temperature from its zonal average, computed
from the NCAR air temperature climatology. Anomalously cold areas are found over some
continental regions, anomalously warm areas over ocean deep water formation regions.
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Closure of the meridional overturning circulation
through Southern Ocean upwelling
JohnMarshall1* and Kevin Speer2

The meridional overturning circulation of the ocean plays a central role in climate and climate variability by storing and
transporting heat, fresh water and carbon around the globe. Historically, the focus of research has been on the North Atlantic
Basin, a primary site where water sinks from the surface to depth, triggered by loss of heat, and therefore buoyancy, to the
atmosphere. A key part of the overturning puzzle, however, is the return path from the interior ocean to the surface through
upwelling in the SouthernOcean. This return path is largely driven bywinds. It has become clear over the past few years that the
importance of Southern Ocean upwelling for our understanding of climate rivals that of North Atlantic downwelling, because it
controls the rate at which ocean reservoirs of heat and carbon communicate with the surface.

A conceptualmodel of themeridional overturning circulation
(MOC) of the ocean is that of the filling box1,2. The
box represents the ocean basin. The filling process is the

conversion in polar oceans of light upper water to denser deep
water by convection and mixing in the open seas and in shelf
and bottom boundary-layer processes3. These dense waters rise
in the basins and ultimately, after a circuitous route that we
discuss here, flow back towards the sinking regions to close
the circulation meridionally. As sketched schematically in Fig. 1,
two meridional overturning cells emanate from polar formation
regions: an upper cell associated with sinking to mid-depth in
the northern North Atlantic and a lower cell associated with
sources of abyssal water around Antarctica. Although the polar
source regions for these overturning cells have been identified,
detailed upwelling pathways back to the surface and the underlying
controlling physical mechanisms have long been debated, but they
have now come into clearer focus.

Themain theme of this Review is the key role of Southern Ocean
upwelling driven bywesterly winds, drawingwater up to the surface.
This largely solves the missing-mixing paradox that has remained
a theme of oceanographic literature4,5. In that paradox, all dense
water was assumed to upwell through the thermocline to close
the circulation. To do so, strong vertical mixing is required in the
thermocline, mixing that is not observed6–9. Instead it seems that
a significant portion of the water made dense in sinking regions
ultimately returns to the surface in nearly adiabatic pathways along
tilted density surfaces that rise from depth towards the surface
around Antarctica (as hypothesized long ago by Sverdrup10). These
tilted surfaces mark the great density difference between the
subtropics and polar regions associated with the planet’s largest
current, the Antarctic Circumpolar Current (ACC). They connect
the interior ocean to the sea surface enabling fluid that has sunk
to depth at high latitudes to return to the surface without the
need to invoke large thermocline diffusivities. Recentmodelling and
theoretical studies point to a global influence on climate of this
upwelling branch11–14. We conclude our Review with an updated
schematic of the global overturning circulation that makes explicit
the central role of Southern Ocean upwelling.

1Department of Earth, Atmospheric and Planetary Sciences, Massachusetts Institute of Technology, Building 54, Room 1520, Cambridge, Massachusetts
02139-4307, USA, 2Department of Oceanography, Florida State University, Room 431A OSB, Tallahassee, Florida 32306-4320, USA.
*e-mail: jmarsh@mit.edu.

Observations of SouthernOcean circulation
Key climatological features of the circulation and hydrography
of the Southern Ocean are shown in Fig. 2. The circulation is
dominated by the eastward-flowing, vigorously eddying ACC. The
ACC has a braided flow structure with embedded regions of strong
fronts, of which the subantarctic and polar fronts are the most
pronounced. The fronts show evidence of topographic steering,
often being collocated with gaps in the topography. The polar front
roughly marks the northern boundary of sea-ice influence, but ice
concentration is very low approaching the ACC. South of the polar
front, sea ice grows and decays seasonally (as does light), with large
consequences for ocean physics and biology. Hydrographic sections
of temperature (T ), salinity (S) and oxygen (O2) are shown along
a longtitude of 30� E, crossing the ACC from Africa to Antarctica.
Property horizons rise southwards, following tilted surfaces of
constant density associated with the thermal wind balance of the
ACC. The distribution of salinity shows the freshening to the
south at the surface, the spreading of low-salinity surface water
along isopycnals in Antarctic Intermediate Water, and high salinity
values at mid-depth owing to the influence of salty North Atlantic
Deep Water (NADW). Oxygen concentration shows high values
at the surface, decreasing to the mid-depth minimum of Upper
Circumpolar Deep Water—essentially older deep water, which
also aligns with the climatically important subsurface temperature
maximum. This pattern, revealed by many other tracers, has long
been suggestive of a two-cell MOC (as sketched in Fig. 1) with
incoming deep, relatively warm, salty, oxygen-depleted, carbon-
rich and nutrient-richwater feeding an upper and lower cell.

A number of attempts have been made to infer the pattern of
MOC in the Southern Ocean from tracer observations such as those
summarized in Fig. 2. Among the first to observe and make use
of salinity and other property distributions, Deacon15 sketched a
southward deep flow and northward shallow flow across the ACC.
Earlier, Sverdrup10 had proposed a broad circumpolar cross-ACC
flow or overturning, which was quantified in a conceptual model
by Wyrtki16, linking the observed density and wind fields to infer
southward ageostrophic flow and upwelling. Subsequent studies
elaborated on the large-scale circulation in the Southern Ocean and

NATURE GEOSCIENCE | VOL 5 | MARCH 2012 | www.nature.com/naturegeoscience 171

Tuesday, March 12, 13



Overturning Circulation
Averaging, across an ocean in longitude
‣ Meridional Overturning Circulation (MOC)

 (sometimes called the Thermohaline Circulation, THC)
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Fig. 2. Global zonally-averaged meridional overturning circulation (Sv) from the Geophysical Fluid Dynamics Laboratory
Earth System Model (Dunne et al. 2012).

theory provides continuous zonally-averaged solution for
stratification and overturning circulation; it consistently ac-
counts for the interaction between the circumpolar channel
and the rest of the ocean and it explicitly predicts the deep
stratification and the overturning circulation in terms of the
surface forcing and other problem parameters.

The paper is structured as follows. In section 2 we dis-
cuss the phenomenology of the oceanic deep stratification
and meridional overturning circulation based on observa-
tions, climate model and idealized numerical simulations. In
sections 3 and 4 we develop a theory for the deep stratifica-
tion and overturning circulation and discuss the underlying
physics using simple parametric scalings in the limits of
wind- and mixing-driven overturning circulation. In section
5 the theory is compared with results from idealized numer-
ical simulations using an ocean general circulation model.
Finally, section 6 offers discussion and conclusions.

2. Phenomenology

Before describing our theory we describe some observa-
tions and results from various numerical simulations.

a. Observations and comprehensive simulations

The ocean is stratified throughout. The stratification is
largest in the upper ocean (i.e., in the thermocline) and is
small, but not negligible, below it (Fig. 1). In the Atlantic

Ocean, isopycnals at middepth outcrop both in the North
Atlantic and in the Southern Ocean while isopycnals in the
abyssal ocean outcrop only in the Southern Ocean. Isopy-
cnals are nearly flat in most of the ocean basin away from
the regions of isopycnal outcrop and below the region of
the main thermocline where circulation is strongly affected
by the low and mid latitude winds. Observations show a
thermostad at middepth, a weakly-stratified water mass, as-
sociated with the inflow and southward propagation of the
North Atlantic Deep Water in the Atlantic Ocean.

The global zonally-averaged MOC, diagnosed from the
Geophysical Fluid Dynamics Laboratory Earth System Model
(Dunne et al. 2012), is shown in Fig. 2. The details of the
overturning circulation vary amongst models, but the lead-
ing order structure is robust and consistent with an inverse
model reconstruction from available observations (Lumpkin
and Speer 2007). The leading order structure of the MOC
consists of wind-driven cells in the upper few hundred me-
ters of the ocean (associated with the main gyres) and two
overturning cell in the deep ocean: a middepth cell, with sink-
ing in the North Atlantic and upwelling across isopycnals at
low and mid latitudes and along isopycnals in the Southern
Ocean, and an abyssal cell, with sinking around Antarctic
continent and the cross-isopycnal upwelling in the abyssal
ocean. The middepth and abyssal cells of the overturning
circulation correspond to the formation and propagation of
the North Atlantic Deep Water (NADW) and Antarctic Bottom

3

Nikurashin and Vallis, 2011

Atlantic MOC (1Sv=106 m3)
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The world ocean is one of the main constituents
of the climate system and affects climate in a
multitude of ways. Its sheer size is obvious: 71%
of the Earth is covered by ocean, so that most of
the solar radiation received at the Earth’s surface

goes into the ocean and warms the surface waters. As a
result of its heat capacity and circulation, the ocean has the
ability to both store and redistribute this heat before it is
released to the atmosphere (much of it in form of latent
heat, that is, water vapour) or radiated back into space.

The heat storage effect is most apparent on the seasonal
timescale. The mid-latitude temperature range between
summer and winter is typically around 8 !C over the 
ocean and at the coast, whereas this range is up to several
tens of degrees in the continental interiors (see Figure 2.1
in ref. 1, which contours the observed seasonal tempera-
ture range).

A corresponding figure for the temperature deviation
from the zonal mean (Fig. 1 in ref. 2) gives an indication of

the effect of ocean heat transport on surface temperatures,
with warm anomalies over the three main regions of deep-
water formation of the world ocean: the northern North
Atlantic, the Ross Sea and the Weddell Sea. These are key
areas for the thermohaline circulation of the world ocean
(see Box 1), where surface waters after releasing heat to the
atmosphere reach a critical density and sink. Clearly not all
deviations from zonal mean conditions are due to ocean 
circulation, but the magnitude of the warm anomaly over
the northern North Atlantic (~10 !C) is in agreement with
estimates3 and simulations of climate models4–7 of the effect
of ocean heat transport (Fig. 1).

In addition to its heat storage and transport effects, the
ocean can influence the Earth’s heat budget by its sea-ice
cover, which changes the planetary albedo and can thus
affect the steady-state global-mean temperature. Sea ice also
acts as an effective thermal blanket, insulating the ocean
from the overlying atmosphere. This is so effective that in a
typical ice-covered sea more than half of the air–sea heat

Ocean circulation and climate 
during the past 120,000 years
Stefan Rahmstorf

Potsdam Institute for Climate Impact Research, PO Box 601203, 14412 Potsdam, Germany

Oceans cover more than two-thirds of our blue planet. The waters move in a global circulation system, driven
by subtle density differences and transporting huge amounts of heat. Ocean circulation is thus an active and
highly nonlinear player in the global climate game. Increasingly clear evidence implicates ocean circulation in
abrupt and dramatic climate shifts, such as sudden temperature changes in Greenland on the order of 5–10 !C
and massive surges of icebergs into the North Atlantic Ocean — events that have occurred repeatedly during
the last glacial cycle.

Figure 1 Changes in surface air
temperature caused by a shutdown
of North Atlantic Deep Water
(NADW) formation in a current
ocean–atmosphere circulation
model. Note the hemispheric see-
saw (Northern Hemisphere cools
while the Southern Hemisphere
warms) and the maximum cooling
over the northern Atlantic. In this
particular model (HadCM3)7, the
surface cooling resulting from
switching off NADW formation is up
to 6 !C. It is further to the west
compared with most models, which
tend to put the maximum cooling
near Scandinavia. This probably
depends on the exact location of
deep-water formation (an aspect
not well represented in current
coarse-resolution models) and on the sea-ice distribution in the models, as ice-margin shifts act to amplify the cooling. The largest air temperature cooling is
thus greater than the largest sea surface temperature (SST) cooling. The latter is typically around 5 !C and roughly corresponds to the observed SST
difference between the northern Atlantic and Pacific at a given latitude. In most models, maximum air temperature cooling ranges from 6 !C to 11 !C in
annual mean; the effect is generally stronger in winter.   
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exchange occurs through patches of open water (leads) that make up
around 10% of the surface area.

Finally, the ocean affects the climate system not only by being part
of the planetary energy cycle, but also by participating in the biogeo-
chemical cycles and exchanging gases with the atmosphere, thus
influencing its greenhouse gas content. For example, the ocean 
contains about fifty times more carbon than the atmosphere, and
theories seeking to explain the lower concentrations of atmospheric
carbon dioxide that prevailed during glacial times invariably invoke
changes in the oceanic carbon sink, either through physical or biolog-
ical mechanisms (the so-called ‘biological pump’).

Rather than providing a general overview of the ocean’s role in the
climate system, which is a subject matter for textbooks, I focus here on
the role of ocean circulation changes in major climate changes during
the past 120,000 years, since the Eemian interglacial. This is a period for
which palaeoclimatic data of relatively good global coverage and dating
are available. The emphasis is on presenting physical ideas and con-
cepts for understanding these climate changes; more-detailed reviews
of the palaeoclimatic data can be found elsewhere (see, for example,
refs 8–10). This is a highly dynamical research field with rapid progress,
but not yet a generally accepted and established theory. Controversies
remain over many issues, and the interpretation I have attempted here
is subjective and will probably turn out to be partly wrong.

Reconstructing past ocean circulation
Analysis of sediment cores and corals provides a wealth of informa-
tion on past ocean circulation, and clearly shows that it has 

undergone significant changes during the past 120,000 years. 
Reconstructions of past ocean temperatures can be derived, for
example, from species abundances of fossil plankton, from organic
geochemistry (using alkenone unsaturation indices), from trace-
metal ratios (Sr/Ca, U/Ca or Mg/Ca) in corals or calcite shells, and to
some extent from oxygen isotopes. Using multiple proxies, informa-
tion on salinity can also be reconstructed. This constrains the 
distribution and properties of water masses; information on flow
rates is harder to obtain. Indirect evidence for ventilation rates comes
from the distribution of isotopes such as 13C (ref. 11) or radiochemi-
cal tracers12, and from the radiocarbon content of the atmosphere. In
some locations, the grain size of sediments yields information on the
speed of local bottom currents13, or density gradients have been
reconstructed to give information on the geostrophic current 
component14. Although there is still much discussion on the 
interpretation and error margins of each data type, and in some 
cases proxy data seem to give contradictory results, an increasingly
consistent picture is emerging.

Time-slice compilations suggest that at different times, three dis-
tinct circulation modes have prevailed in the Atlantic15,16 (Fig. 2).
These have been labelled the stadial mode, interstadial mode and
Heinrich mode (based on their occurrence during stadial and inter-
stadial phases of glacial climate and during Heinrich events), or the
cold, warm and off mode (based on their physical characteristics in the
North Atlantic). In the interstadial mode, North Atlantic Deep Water
(NADW) formed in the Nordic Seas, in the stadial mode it formed in
the subpolar open North Atlantic (that is, south of Iceland), whereas

Box 1
Some key facts about ocean circulation

The large-scale ocean circulation can be thought of as a combination
of currents driven directly by winds (mostly confined to the upper
several hundred metres of the sea), currents driven by fluxes of heat
and freshwater across the sea surface and subsequent interior
mixing of heat and salt (the so-called thermohaline circulation),
and tides (driven by the gravitational pull of the Moon and Sun).
These driving mechanisms interact in nonlinear ways (since all
currents change the heat and salt distribution) so that no
unique decomposition exists. Nevertheless the distinction is
useful, particularly when changes in wind or in surface heat and
freshwater fluxes are considered for their effects on the
circulation.

An important way in which wind-driven currents are thought to
lead to climatic changes is through their effect on upwelling (Ekman
divergence) near coasts and the Equator, changing sea surface
temperatures. This mechanism plays a part in the El Niño/Southern
Oscillation cycle. The thermohaline circulation is most interesting for
its highly nonlinear response to changes in surface freshwater
forcing88, allowing large changes in heat transport to occur (see 
Box 2). Tides are relevant to the climate system because they form
one of the main sources of turbulent energy (in addition to that
provided by the wind) to mix the ocean89.

A highly simplified cartoon of the global thermohaline circulation
(sometimes called ‘conveyor belt’) is shown in the figure above
(modified from the original by Broecker). Near-surface waters (red
lines) flow towards three main deep-water formation regions (yellow
ovals) — in the northern North Atlantic, the Ross Sea and the Weddell
Sea — and recirculate at depth (deep currents shown in blue, bottom
currents in purple; green shading indicates salinity above 36‰, blue
shading indicates salinity below 34‰). A recent estimate of the rate
of deep-water formation is 15!2 Sv (1 Sv"106 m3 s–1) in the North
Atlantic and 21!6 Sv in the Southern Ocean90. Northward heat
transport into the northern Atlantic peaks at 1.3!0.1 PW 
(1 PW"1015 W) in the subtropics90; this heat transport warms 
the northern Atlantic regional air temperatures by up to 10 #C

over the ocean with the effect declining inland.
Little is currently known about present-day natural variability of

this circulation (see ref. 91 for a review), or about the effects of such
variability on surface climate. Variations of the Atlantic thermohaline
circulation on timescales of several decades are found in many
coupled climate models, with a typical amplitude of a few sverdrup;
they are probably damped oscillations driven by stochastic
variations in surface fluxes (that is, weather variability)92. Good
observational time series of integral measures of this circulation are
lacking, although some data suggest that such decadal variability
also exists in nature, and is correlated with the North Atlantic
Oscillation (NAO)93,94. The NAO also seems to orchestrate the
location and intensity of deep convection in the northern Atlantic95.
Lack of data makes it hard to establish whether a longer-term trend
in the circulation exists, although there is intriguing evidence for
trends in temperature and salinity96,97 that may indicate a gradual
weakening of the overflow from the Nordic Seas into the Atlantic in
recent decades.
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ally also in the Weddell Sea [see Gordon, 1982]. Con-
vection in these regions feeds the thermohaline
circulation, the global meridional-overturning circula-
tion of the ocean responsible for roughly half of the
poleward heat transport demanded of the atmosphere-
ocean system [see Macdonald and Wunsch, 1996]. Warm,
salty water is drawn poleward, becomes dense in polar
seas, and then sinks to depth and flows equatorward.
Water masses modified by deep convection in these
small regions are tagged with temperature and salinity
values characteristic of them (together with other tracers
such as tritium from the atomic weapon tests and freons
from industrial and household use), allowing them to be
tracked far from their formation region.

Geologists speculate about possible North Pacific
Deep Water formation in past climates (for example, see
Mammerickx [1985]). There is some evidence for en-
hanced convection in the North Pacific at the last glacial
maximum (the 14C age reduction observed by Duplessy et
al. [1989], for example). However, the patterns of evi-
dence are contradictory, and as yet, there is no consen-
sus [see Keigwin, 1987; Curry et al., 1988; Boyle, 1992;
Adkins and Boyle, 1997].

In this review we discuss the dynamics of the water
mass transformation process itself, and its effect on the
stratification and circulation of its immediate environ-
ment. Some of the relevant fluid mechanics, that of
convection in “open” domains, is reviewed by Maxworthy

Figure 1. The major deep convection sites of the North Atlantic sector: the Labrador Sea (box a), the
Greenland Sea (box b), and the western Mediterranean (box c). Detailed descriptions and discussions of the
water mass transformation process occurring in the three “boxes” are reviewed here. To indicate the
preconditioned state of early winter, the potential density at a depth of 100 m is shown for November from
the climatological data of Levitus et al. [1994b] and Levitus and Boyer [1994]. Deep-reaching convection has
been observed in the shaded regions.
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geostrophic balance pertains. On scales much smaller
than L!, however, balanced dynamics break down (see
Marshall et al. [1997a] for a discussion of the breakdown
of the hydrostatic approximation).

The surface layers of the ocean are stirred by the
winds and undergo a regular cycle of convection and
restratification in response to the annual cycle of buoy-
ancy fluxes at the sea surface (see the detailed discussion
in section 2.3). The buoyancy flux is expressed in terms
of heat and fresh water fluxes as

! !
g
!0

!"#

cw
" " !0$SS%E # P&" (6)

where cw is the heat capacity of water (3900 J Kg'1 K'1),
" is the surface heat loss, and E ' P represents the net
fresh water flux (evaporation minus precipitation). The
magnitude of the buoyancy flux ! plays an important
role in the development of dynamical ideas presented in
this review; it has units of meters squared per second
cubed, that of a velocity times an acceleration. Over the
interior of the ocean basin, heat fluxes rise to perhaps
100 W m'2 in winter, and E ' P is perhaps 1 m yr'1,
implying a buoyancy flux of (10'8 m2 s'3. For stratifi-
cation typical of the upper regions of the main thermo-
cline, mixed layers do not reach great depth when ex-
posed to buoyancy loss of these magnitudes, perhaps to
several hundred meters or so (see the contours of winter
mixed-layer depth in the North Atlantic presented by
Marshall et al. [1993]). At the convection sites shaded in
Figure 1, however, the stratification is sufficiently weak,
N/f ) 5–10, and the buoyancy forcing is sufficiently
strong, often greater than 10'7 m2 s'3, corresponding to
heat fluxes as high as 1000 W m'2, that convection may
reach much greater depths, sometimes greater than 2
km. This review is concerned with the dynamical pro-
cesses that occur in these special regions, which result in
the transformation of the properties of large volumes of
fluid and set the properties of the abyssal ocean.

In section 2 we review the observational background;
each convection site has its own special character, but we
emphasize common aspects that are indicative of mech-
anism. In section 3 we discuss the convective process
itself, and in section 4 we discuss the dynamics of the
resulting homogeneous volumes of water. Finally, in
section 5, we discuss how one might parameterize the
water mass transformation process in large-scale models.

2. OBSERVATIONAL BACKGROUND

2.1. Phases and Scales of Deep Convection
Observations of deep convection in the northwestern

Mediterranean, the most intensively studied site (see,
for example, the MEDOC Group [1970], Gascard [1978],
and Schott and Leaman [1991]), suggest that the convec-
tive process is intermittent and involves a hierarchy of
scales. Three phases can be identified and are sketched

schematically in Figure 3: “preconditioning” on the
large-scale (order of 100 km), “deep convection” occur-
ring in localized, intense plumes (on scales of the order
of 1 km), and “lateral exchange” between the convection
site and the ambient fluid through advective processes
(on a scale of a few tens of kilometers). The last two
phases are not necessarily sequential and often occur
concurrently.

During preconditioning (Figure 3a) the gyre-scale
cyclonic circulation with its “doming” isopycnals, brings
weakly stratified waters of the interior close to the sur-
face. The potential density at a depth of 100 m in a
November climatology is contoured in Figure 1, showing
the preconditioned state over the North Atlantic. Buoy-
ancy forcing associated with the prevailing meteorology
then triggers convection. As the winter season sets in,
vigorous buoyancy loss erodes the near-surface stratifi-
cation of the cyclonic dome, over an area of perhaps
several hundred kilometers across, exposing the very
weakly stratified water mass beneath directly to the
surface forcing [Swallow and Caston, 1973]. Subsequent
cooling events may then initiate deep convection in
which a substantial part of the fluid column overturns in
numerous plumes (Figure 3b) that distribute the dense
surface water in the vertical. The plumes have a hori-
zontal scale of the order of their lateral scale, $1 km,

Figure 3. Schematic diagram of the three phases of open-
ocean deep convection: (a) preconditioning, (b) deep convec-
tion, and (c) lateral exchange and spreading. Buoyancy flux
through the sea surface is represented by curly arrows, and the
underlying stratification/outcrops is shown by continuous lines.
The volume of fluid mixed by convection is shaded.
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Abyssal recipes 

WALTER H. M U N K *  

( Received 31 January 1966) 

Abstract--Vertical distributions in the interior Pacific (excluding tbe top and bottom kilometer) 
are not inzonsistent with a simple model involving a constant upward vertical velozity w ~ 1-2 cm clu y- t  
and eddy diffusivity ,¢ ~ 1.3 cm ~- sec -1. Thus temperature and salinity can be fitted by exponential- 
like solutions to [,¢- d"-/dz: -- w. d/d:] T, S = 0, with ,c/w ~ 1 km the appropriate "' scale height." 
For Carbon 14 a decay term must be included, [ ] :~C = ~ 1~C; a fitting of the solution to the ob- 
served 1~C distribution yields ,,/w2 ~ 200 years for the appropriate "' scale time," and permits w and 
,~ to be separately determined. Using the foregoing values, the upward flux of Radium in deep water 
is found to be roughly 1.5 x 10-~-~gcm-~-sec-L as compared to 3 x 10-Z~gcm--~sec -I from 
sedimentary measurements by GOLOaF.RG and KOtDE (1963). Oxygen consumption is computed at 
0-004 (ml/I) year-L The vertical distributions of 7', S, t4C and O: are consistent with the corresponding 
south-north gradients in the deep Pacific, provided there is an average northward drift of at least a 
few millimetres per second. 

How can one meaningfully interpret the inferred rates of upwelling and diffusion ? The annual 
freezing of 2.1 x 10 to g of Antarctic pack ice is associated with bottom water formation in the ratio 
43 : 1, yielding an estimated 4 × 10:0 g year-t of Pacific bottom water; the value w = 1"2 cm day -t 
implies 6 x 10 ~0 g year-L I have attempted, without much success, to interpret x from a variety of 
viewpoints: from mixing along the ocean boundaries, from thermodynamic and biological processes, 
and from internal tides. Following the work of Cox and SA,'qr~STROM (1962), it is found that surface 
tides are scattered by the irregular bottom into internal modes with an associated energy flux of 
4 x 10 -~ ergs g-~ see-: (one sixth the total tidal dissipation). Such internal modes can produce 
shear instability in the Richardson sense. It is found that internal tides provide a marginal but not 
impossible me:hanism for turbulent diffusion in the interior oceans. 

I N T R O D U C T I O N  

IN THE course of  preparing for a p rogram of measur ing oceanographic  variables 
f r o m  the bottom up, I have reviewed various models for the d is t r ibut ion  of  T, S, 
14C, 02 etc. in the deep sea. In this connec t ion  the box models of the radio chemists 
are of little use. But a very simple mode l .o f  diffusion and advection,  coupled with 
the appropr ia te  mechanism of  decay when required, leads to a set of  d is t r ibut ion 
funct ions  which fit the observat ions rather better than one would expect. The model  
is not  new: it was used by WVRTKI (1962) in a discussion of the oxygen m i n i m u m ,  
and  in various forms goes back to oceanographic  an t iqu i ty ;  nor  are the numerical  
results much different from those obta ined by Stommel and  his col labora tors  in their 
manifold  attacks on the abyssal p roblem (STOMMEL, 1958; ROBINSON and  STOMMEL, 
1959; STOMMEL and  ARONS, 1960a and 1960b; BOLIN and STOMMEL, 1961); and  by 
WOOSTER and VOLKMANN (1960) and  KNAUSS (1962). 

The following discussion is limited to the central  Pacific between 1 and  4 km 
because the s i tuat ion there is relatively simple. 

*Institute of Geophysics and Planetary Physics, University of California, La Julia, California. 
Contribution from the Scripps Institution of Ozeaoography, La Julia, California. This work has 
been supported under NSF Grants GP-2414, GP-4256. 
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Without a means to transport heat down from the surface, the sinking of  dense water at 
the poles would eventually fill the ocean with cold water.
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1D (horizontally-averaged) density equation:
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714 W~lza  H. Musk 

) , = 3 . 3 ,  ) v = 1 . 4 x  10 - S c m s e c  -t,  x = l . 3 c m  2see -t.  

The estimates are in fine with those given by STeMMEr. and others. 
Observations of  mSRa (~a=0 .693/1620=4.27  × 10 -.4 y e a r s - t =  13-6 × 10 -tz see - t )  

are badly scattered (Fig. 6), but do not rule out AR = 1.17 which leads to the previous 
selection of  wz/x. Radium observations by PWrrEZSSON (1955) are even more scattered, 
but not  inconsistent with this choice of  parameters.  

I 1 I I I ! 

2 - 

3 -  

B 

, - /  

. /  
O "  

k 

4 

• 6 R a  . 7  . 8  .9  

0 

_ - d  
6 

1.0 

Fig. 6. Radium (in 10 -ta g/l) as function of depth (kin) at four Pacific stations (from M1w, r,~ 
and Suoa.o.n~, 1964). Values have been adjusted to agree at 1 and 4 kin. Curves are based on 

equation (6) for 7 = 3-3, and for indicated values of ,~. 

The upward flux of radium R near the bot tom can be evaluated from (6) : 

(wR - -  ,¢R')e.o ~ w((1 + aR) Rt  -? e - ~ a + ~  ' (Rt - -  R2)) 

The flux is 1 . 4×  10 - n g c m  -zsec  - t  for "a  ~ ½ (ha - - 1 )  = 0"085, R t = 0 . 9 3  × 
10"re g ¢'m -a, Rz = 0.63 × 10- leg cm -3. This can be compared with an estimate 
of  the upward flux through the sediments based on measurements by GOt, DS~RG 
and KOmE (1963). The sedimentary radium balance is given by 

~R 
= x R "  - -  ~R R + ~T  T 

3t 

w ' 1.4⇥ 10�5cm s�1
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(Deep water formation, radiocarbon data)

(area of  oceans)

For an exponential density profile fitted to observations:

w
@⇢

@z
= T

@2⇢

@z2

@

@z

✓
w ⇢� T (z)

@⇢

@z

◆
=

@w

@z
⇢(z)

Munk and Wunsh 1998 (Abyssal recipes II):

Munk 1966 (Abyssal recipes):

What powers this mixing?
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To relate the turbulent diffusivity (mixing) to energy dissipation:

Assume a production, dissipation balance in the turbulent kinetic energy equation:

u0w0 · @u
@z

+ b0w0 � ✏ = 0 ✏ = ⌫

@ui

@xj

@ui

@xj

Rif ⌘ �b0w0

�uw · @u
@z

T =
�b0w0

N2
=

Rif
1�Rif

✏

N2
= �

✏

N2

� ' 0.2

Then, with , the flux Richardson number

Where the mixing efficiency is 
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The debate over Sandstrom's theorem continues to the present time. Further 

reference to Sandstrom's theorem may be found in many books and review articles, e.g. 

Hodske et al. (1957), Defant (1961), Dutton (1986), and Colin de Verdiere (1993).  

Many authors cite Sandstrom's theorem because they believe the theorem is based 

on sound thermodynamic principles, and nobody wants to take the risk of violating the 

second law of thermodynamics. However, the application of Sandstrom's theorem to the 

oceanic circulation does pose a serious puzzle. The ocean is mostly heated and cooled 

from the upper surface. (Compared with other sources of energy, energy due to the 

geothermal heating is much smaller; however, its contribution to the oceanic general 

circulation may not be totally negligible, as will be discussed shortly.) Due to thermal 

expansion, the sea surface level at low latitudes where heating takes place is about one 

meter higher than the sea level at high latitudes where cooling takes place. Therefore, 

according to Sandstrom's theorem, there should be no convectively driven circulation. 

Thus, the existence of the strong meridional overturning circulation in the oceans, poses a 

serious challenge for Sandstrom's theorem.  

 Fig. 2. Laboratory experiments demonstrating the Sandstrom's Theorem.  

 1

Lecture 3. Sandstrom Theory 

3/14/2006 7:20 AM 

1. The “Sandstorm theorem”:  

A. Is the ocean a heat engine? 

 The atmosphere and oceans work together as a heat engine, if we neglect the 

small contribution of tidal energy to the circulation in the oceans. The atmosphere can be 

considered as a heat engine, which is driven by differential heating, with an efficiency of 

0.8% (the corresponding Carnot efficiency is about 33%). In this sense although the 

oceans is subject to differential heating similar to the atmosphere, it is not a heat engine 

at all. In fact, the driving force for the oceanic circulation is the mechanical energy in the 

forms of wind stress and tides. In comparison, differential heating is only a precondition 

for the thermohaline circulation, and not the driving force of the oceanic general 

circulation. Thus, the ocean is not a heat engine; instead, it is a machine driven by 

external mechanical energy that transports thermal energy, fresh water, 2CO , and other 

tracers. 

B. Sandstrom Theorem:  

Sandstrom’s original papers (1908, 1916) are in German, not easily accessible, but 

the citation from Dafant’s book is very concise and accurate:             

A closed steady circulation can only be maintained in the ocean if the heat sources 

are situated at a lower level than the cold sources (Defant, 1961, page 491). 

Sandstrom (1916) considered the mechanical energy balance of the steady 

circulation in the oceans. In order to overcome friction, there should be a net input of 

mechanical energy over each closed streamline 

s
w vdp � ³v           (1) 

where v and p are the specific volume and pressure respectively, and the integration is 

taken along closed streamlines s. He simplified the oceanic circulation in terms of a heat 

engine by assuming four idealized stages within each cycle of the engine: 

i) Heating-induced expansion under a constant pressure (1 2o );  

ii) Adiabatic transition from the heating source to the cooling source ( 2 3o );  

iii) Cooling-induced contraction under a constant pressure (3 4o ); and  

Sandstrom’s theorem
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Microstructure profilers

Moum et al. 2009

quartz to electrically insulate the plat inum element 
from seawater. Wake signals were hard to find, in- 
dicating that the wake collapsed rapidly and af- 
forded a poor means  of finding submarines. 

Grant  and Stewart realized that the equipment  
developed to study wakes could make a major con- 
tribution to understanding high Reynolds turbu- 
lence, and they began an unclassified project funded 
by the Canadian Defence Research Board. The hot 
film probe was mounted  on a paravane (named 
Charlie) and towed behind a surface ship (Fig. 1). 
Extensive vibration isolation was required, as well 
as a water jet to remove biological detritus. By tow- 
ing Charlie in a turbulent tidal channel, Grant  et 
al. (1959) and Grant  et al. (1962) verified Kol- 
mogoroff's ( 1941) prediction of a k -5/a slope of  the 
inertial subrange cutoff by viscosity at a wavenum- 
ber o f k r  pc (~/v3) ~/4 rad m -l, where p is the kine- 
matic viscosity. The 100-m-deep channel and a 1 
m s -l current provided a Reynolds number  of about 
108 , much  larger than was obtainable in laborato- 
ries. Dissipation rates were 2-60 m W  m -a, and the 
viscous cutoff` occurred near 0.2 kK, or 200-600 
rad m -I. 

Subsequent work added a cold film that could 
sense centimeter-scale temperature fluctuations 
while moving at 1 m s -~ (Fig. 2). Returning to the 
tidal channel provided additional confirmation of  
Batchelor's (1959) prediction of  a k -a viscous-con- 
vective subrange at wavelengths smaller than the 
viscous cutoff` of  velocity fluctuations (Grant et al., 
1968a). Moving offshore on Grilse, they discovered 
a rapid decay with depth of  viscous dissipation 
ra tes- - f rom 2.5 m W  m -3 at 15 m in the surface 
mixed layer to 15 pW m -3 at 90 m in the ther- 
mocline. Grant  et al. (1968b) remarked: 

The most striking conclusions from this l~cord are that 
there is turbulence in the thermocline and that it is in 
patches. 

Nasmyth (1970) followed by cycling the para- 
vane in depth along the tow path, discovering 
patches several meters thick and hundreds of meters 
in the horizontal. The patches, dubbed "blini" 
(Russian for pancake), were separated by wide 
stretches having no signals. In some cases, patches 
of  temperature microstructure were found with no 

Fig. 1: Paravane Charlie seen from below. The 
pointed probes at the upper left are a hot f i lm and 
a cold film. Just behind those two is a thermistor 
with a protective guard. Below these probes is a 
small ducted current meter for measuring Charlie's 
speed through the water. Fig. 2 shows these in detail. 

Fig. 2: Charlie's sensors. From the top, thermistor, hot f i lm (jor velocity), coM fi lm (for temperature), and 
current meter. (Figs. 1 and 2 were provided by Harold Grant.) 

velocity signals above the noise level of the  sensors, 
which raised questions about the persistence of 
thermal fossils of  previous turbulence. The offshore 
observations confirmed Stewart's hunch about the 
background levels of  the thermocline, but also re- 
vealed a highly intermittent mixing structure su- 
perimposed on the background. 

Cont inuous profiling, the other technique for 
measuring small scales, began in the less difficult 
environment  of  Alpine lakes. To study the thermal 
cycle, Schmidt (1914) sensed temperature with a 
bimetallic coil linked mechanically to a pen and 
chart paper housed in an inverted bell jar (Fig. 3). 
As it was lowered, compression of air in the bell jar 
raised a float (much like the ball in a toilet mech- 
anism). The float in turn was linked to the roll 
holding the chart paper, advancing the paper as it 
rose. Successfully used to 60 m, Schmidt 's device 
revealed that temperature did not decrease smoothly 
but had an irregular, or step-like, structure. Re- 
suming his work after World War I, Schmidt (1927) 
made the depth scale more linear by sliding the 
unit down a heavily weighted cable, using rollers 
to turn a worm screw which moved the glass slide 
that replaced the chart paper (Fig. 4). It descended 
at 0.3-0.5 m s -~ and could sense 0.05-0.5°C fluc- 
tuations. Walter Hacker (1933) used Schmidt 's in- 
s t rument  to study seasonal cycles of  Alpine lakes 
as part of  his doctoral research. 

C.-G. Rossby developed the "oceanograph," a 
device similar to Schmidt 's (Rossby and Mont- 
gomery, 1935). Many years later, R. B. Montgomery 
(who used the oceanograph but did not participate 
in the development) said he had no recollection 
that Rossby knew of  the earlier devices, although 
Rossby had made him read a book by Schmidt 
(Montgomery, personal communication).  Under  
the shadow of  World War II, an improved ocean- 
ograph became the Bathythermograph (Spilhaus, 
1937) used by a generation of U.S. sailors for pre- 
dicting sonar conditions. Lowered from a winch on 
deck, the smoked-glass slide in the BT recorded 
temperature fluctuations of about 10 m wavelength. 
Apparently unaware of  Schmidt 's work, oceanog- 

.Ir f 

..d D m _  

h 

O- ,,0 

® 
Fig. 3: Schmidt's bell-jar temperature profiler. The 
parts are: a) the bell jar, b) the float, c) cord, d) 
weight to pull the cord as the float rises, e) drum 
holding the chart paper, f )  stylus for marking the 
paper, g) thermocouple, and h) mechanical linkage. 
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Figure 1 |Measurements from 16-day profiling time series at 0�,140� W in boreal autumn 2008. a, Zonal velocity—the core (eastward velocity
maximum) of the eastward-flowing EUC is shown as a black line; (b) meridional velocity; (c) squared shear, S20; (d) 4N

2; (e) turbulence dissipation rate, ⇤.
The mixed layer is defined by the upper black line in e as the depth at which ⇥ deviates by 0.01 kgm�3 from its surface value.

due to the presence of TIWs. Consequently, only 3% of the values
of Ri in the upper core layer are less than 1/4 for Ri = N 2/S2zonal,
yet 12% are less than 1/4 when Ri is computed using the total
shear, a fourfold increase (Fig. 3). Invariably, acoustic Doppler
current profiler measurements under-resolve the shear, which we
know to be greater at scales smaller than measured, and hence Ri
is less than estimated. An additional factor is the near-doubling
of system KE by the presence of the 1-m-s�1-amplitude TIW.
How this relates to the energy available for mixing is a difficult
and nonlinear problem, key to the parameterization of mixing,
and as yet unsolved.

The turbulence diffusivity (Fig. 2b) is estimated as K⇥ = � ⇤/N 2,
with � = 0.2 (ref. 24). K⇥ was more than a factor of ten larger
in autumn 2008 than in 1984 and comparable to the 1991
values above 70m. The vertical heat flux due to turbulence is
Jq =�⇥CpK⇥Tz (Fig. 2d), where Cp is the heat capacity of sea water.
The combination of large (negative) Tz and large K⇥ that persisted
to the EUC core in 2008 contributed to extreme heat fluxes, in
excess of 400Wm�2, above 85m. Shipboard measurements of
meteorological variables permit an estimate of cruise-averaged sea
surface heat flux25, J 0q ⇤140Wm�2, typical of that time of the year at
0⇥,140⇥ W and of previous experiments at that location. Although

2 NATURE GEOSCIENCE | ADVANCE ONLINE PUBLICATION | www.nature.com/naturegeoscience

Figure 1: The rich structure of near-surface turbulence. Profiling time series at 0�,140� W in boreal autumn 2008, reproduced from Moum et al.
(2009). (a) Zonal velocitythe core (eastward velocity maximum) of the eastward-flowing EUC is shown as a black line; (b) meridional velocity; (c)
squared shear; (d) 4N2; (e) turbulence dissipation rate, ✏. The mixed layer is defined by the upper black line in e as the depth at which ⇢ deviates
by 0.01 kg m�3 from its surface value.

shown in Figure 1. The turbulent dissipation rate (bottom panel) shows bursts of turbulence extending well below159

the mixed layer (upper black line) on most nights, with separate patches of turbulence at times present at the upper160

edge of the equatorial undercurrent (lower black line). Bursts of high-frequency oscillations penetrating below the161

mixed layer have been well documented at the equator (visible in N2 panel in Fig. 1 for example) , though they162

likely occur elsewhere as well (Lien et al., 2002). A variety of theories have been proposed to explain observe high-163

frequency motions in this depth range, from generation by shear instabilities acting on the upper edge of the equatorial164

undercurrent (Moum et al., 2011; Smyth et al., 2011) to internal waves triggered by nocturnal convection bursts165

impinging on the stratified mixed-layer base (Gregg et al., 1985; Wijesekera and Dillon, 1991), to the obstacle e↵ect166

as Langmuir cells or other undulations of the mixed layer base are advected by mixed-layer currents over the stratified167

layer below (Polton et al., 2008). The spate of recent equatorial mixing observations also highlights the compounding168

e↵ects of processes with very di↵erent timescales. For example, while the bursts of turbulence visible in Figure 1169

clearly have a diurnal pattern, Moum et al. (2009) demonstrate that slow modulation by passing tropical instability170

5
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c. Average profiles

Average diffusivity profiles !K" from the Indian (Fig.
13), Pacific (Fig. 14), North Atlantic (Fig. 15), and
Southern (Fig. 16) Oceans show both common and dif-
ferent features. Average K tends to increase with depth
z (decrease away from the bottom h). Diffusivities are
O(0.1 # 10$4 m2 s$1) in the Pacific and upper Indian.
Higher diffusivities O(0.5 # 10$4 m2 s$1) are found in
the North Atlantic and Southern Oceans where sam-
pling is weighted to high latitudes (Table 1). Average
diffusivities only approach 10$4 m2 s$1 near the bottom
(h % 0 mab) in the North Atlantic and Southern
Oceans. Strain-based diffusivities from (2) with a shear/
strain variance ratio R& % 7 agree to within a factor of
2 with shear-and-strain diffusivities from (1), except for
depths z % 1000–2000 m in the Indian where the shear/
strain variance ratio R& % 4 and below z % 1000 m in

the Southern Ocean where R& % 10. Agreement be-
tween the two parameterizations appears to be better in
height above bottom h than depth z coordinates.
Strain-based diffusivities using the GM shear/strain ra-
tio GMR& % 3 fall short everywhere.

Dissipation rates !'(z)" lie between the GM prescrip-
tion ('GM % K0N2/(, K0 % 0.05 # 10$4 m2 s$1) and the
level expected for a diffusivity K % 10$4 m2 s$1. The
shear/strain variance ratio R& is lower in the high-
latitude main pycnocline than at depth and lower lati-
tudes.

6. Dependence on environmental parameters

Ideally, one could infer turbulent mixing from back-
ground environmental and forcing conditions without
having to measure in situ shear and strain. Here, we
explore to what extent inferred diffusivities K could be

FIG. 11. Meridional section running from 7°S to Iceland in the mid-Atlantic (A16N,
Fig. 4c).

AUGUST 2006 K U N Z E E T A L . 1567

Fig 11 live 4/C

Kunze et al. JPO, 2006

Inferred diffusivity, North-South Atlantic section

Munk value

Problem: Observations of  ocean mixing typically find          

‘Missing’ Mixing

Tuesday, March 12, 13



© 1993 Nature  Publishing Group

© 1993 Nature  Publishing Group

© 1993 Nature  Publishing Group

T ' 1.1⇥ 10�5m2 s�1

Tuesday, March 12, 13



Possible explanations for missing mixing:
• Under-estimate of mixing efficiency
• Boundary mixing
• Horizontal convection
• Upwelling in the Southern Ocean
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break and become turbulent (Figs. 1c and 1d). The ef-
fect of deceleration is clear in Fig. 1c. With no decel-
eration phase (A1, bottom frames in Fig. 1), the paired
KH billow is sheared into two parts by the strong mean
flow. With deceleration (AD7), the billow relaxes to a
more circular shape. As the mean flow decelerates to-
ward zero, the billow collapses into a field of weakly
turbulent gravity waves (Fig. 1d, top), whereas without
deceleration (A1), the mean shear generates sustained
turbulence (Fig. 1d, bottom).

Energy budgets can help to explain these mixing
events. KH instability occurs after the acceleration
(Fig. 2a); during this weakly nonlinear regime, the mean
flow is diminished due to deceleration and ceases to
support the KH billows. Thus, the maximum potential
energy is diminished between tnd 5 12 and 13 (Fig. 2b).
The subsequent turbulence Rei after tnd 5 13 is also
diminished as is the diapycnal flux Mni (Figs. 2c and
2d). AD7 has maximum values of Rei and Mni after
breakdown at tnd 5 13.4. However, there is a time lag in
A1 (tnd 5 14 in Fig. 2c and tnd 5 13.7 in Fig. 2d) because
the secondary instability of the KH billows (Klaassen
and Peltier 1985) results in maximum Mni during
breakdown. The difference in Gi seems small in Fig. 2e.
Before breakdown (tnd , 12), Gi ’ 0.7 corresponds to
highly efficient preturbulent mixing (Smyth et al. 2001).
In the turbulence stage, Gi ’ 0.2 is achieved and the
mixing in A1 lasts longer. Contributions to the diapycnal
flux from the preturbulent phase are more important in
AD7 because deceleration suppresses turbulence at later
times. Cumulative values have differences due to the
different intensities and durations of the preturbulent
and turbulent phases: Rec 5 4.98 (11.43), Mnc 5 9.18
(18.14), and Gc 5 0.26 (0.23) for AD7 (A1). In AD7, the
values of Rec are less than half of that in A1, suggesting
strong modification due to a deceleration phase.

If Rimin is larger, KH billows will grow more slowly
(e.g., Hazel 1972) and be suppressed by mean flow de-
celeration. If v/N is larger, the faster arrival of the de-
celeration will suppress the growth of the KH billows.
Therefore, the relative timing of the billow growth and
mean flow deceleration will be important for a mixing
event.

b. High-frequency forcing

In the classic observations of Woods (1968), KH bil-
lows were generated by gravity waves propagating on
thin layers of strong stratification and were related to
existing theories of shear instability (Miles and Howard
1964). The observed gravity waves had wavelength
l ’ 10 m and the thickness of the interface was 2h ’
0.1 m. Using (5), the normalized frequency of the ob-
served waves can be estimated as v/N ; 0.1. Although
our wavelike forcing does not strictly correspond to
interfacial gravity waves, we choose v/N 5 0.1 as a
reference with Rimin 5 0.07 (AD6) and 0.08 (AD13)
corresponding to the lower limit of Richardson number
in Woods (1968) (Fig. 3 and Table 1). When Rimin is
larger than this, there is no full development of KH
billows due to the slower growth of the billows. Then,
Mnc becomes close to 1 (molecular value); thus, mixing
due to shear instability is negligible (Fig. 4).

In both cases, the deceleration phase of the high-
frequency forcing strongly affects the initial growth of
the KH billows (Fig. 4) and there is no pairing. Mixing is
not completed within one forcing cycle. Both Rec and
Mnc are small (Fig. 3), but Gc is higher ($0.3) because
the efficient preturbulent mixing (Smyth et al. 2001)
contributes significantly to the net diapycnal flux. At
low Rimin (AD6), preturbulent mixing is intense and Gc

is higher (Fig. 4).

FIG. 1. Density field for KH billows forced (top) with (AD7) and (bottom) without (A1) a deceleration phase. Colored values cover the
middle three-fifths of the density range; higher and lower values are transparent. The actual domain length in the computation is used for
the axes: tnd 5 (a) 11.1, (b) 12.8, (c) 14.4, and (d) 16.3.
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Mixing Efficiency
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Boundary Mixing

1978 ARMI: BRIEF REPORT 

Fig. 8. Simplified sketch of boundary mixing of continuous stratification into layers and subsequent transport of mixed 
layers into interior of basin either by along-isopycnal diffusion or by advection. Bottom-generated turbulence due to 
motion of the water stirs the background stratification into layers (arrow at right); it is suggested that layers of different 
origins and densities interleave as they decay and flatten to form a nearly uniform stratification again (arrow at left). 

mixing-advection model is illustrated in Figure 8 with a steep 
boundary, these processes may occur wherever isopycnals in- 
tersect the bottom, even on a large flat abyssal plain over 
which there exist isopycnal slopes due to the mesoscale eddy 
field. The depth of each of the steps will be roughly controlled 
by a Froude number criterion F • 1, as described by Armi and 
Millard [1976] and Armi [1977]. We take, for the estimate 
which follows, • 50 m as an average thickness but note that the 
thickness of individual layers at any location will depend on 
the local velocity. 

The horizontal extent of each layer across isobaths is pre- 
sumed to be the projection of each layer along the slope, i.e., 
•h/a. The extent of each layer along isobaths is unknown but 
is also presumably limited, as evidenced by the horizontal 
variability found at station KN 60/4 (Figure 2). We visualize 
the boundary mixing process as forming many iaminae each of 
approximately 50-m depth; no individual lamina extends com- 
pletely around the basin, although at any point on the bound- 
ary one is always present. 

We will estimate the vertical eddy diffusion within each layer 
at the boundary following Clauser [1956], i.e., 

Kvboun a • •u,h 
where u, is the friction velocity 

(1) 

u, (2) 

and h is the height of the mixed layer; with a mean velocity, U 
• 10 cm/s, and h • 50 m: K%oun a • l0 2 cmV'/s. This estimate for 
the vertical eddy diffusivity at the boundary must be thought 
of only as a very rough estimate. In fact, Armi [1977] has 
pointed out that within the boundary mixed layer and above 
the Ekman layer scale, very little is known of the turbulence. 

We also assume that the horizontal or along-isopycnal ex- 
change is rapid. We do not understand how the character of 
the individual mixed layers formed at the boundaries is lost in 
the interior. One possibility is that layers of different origins 
and densities interleave as they decay and flatten. With enough 
interleaving a nearly uniform stratification may result. 

The vertical or cross-isopycnal mixing at the boundary must 
serve the entire basin. We will equate the vertical transport at 
the boundary with the total transport represented as total area 
times the 'average' flux. The ratio of the surface area along the 
boundary for the mixed layers bounding any isopycnal surface 

to the surface area within the considered circular basin of 
diameter L is given by 

•rLh/ce 4h 
Ar •r(L/2)•. aL (3) 

The apparent, or 'average,' eddy diffusivity for the basin, 
Kv• ..... , is then given by 

Kv, .... '•' gvbound'A r (4) 
With typical values, e.g., L • 4 X 10 a kin, a -- •.-•o, and Kv, .... • 
I cm•'/s, in agreement with the historical estimates [cf. Munk, 
1966]. 

CONCLUSION 

Data have 'been presented here to suggest that turbulent 
mixing in the deep ocean is a two-part process: 

1. Vertical mixing at boundaries and topographic features 
occurs within finite layers. The vertical extent of the layers is 
limited by the stable background density field and the velocity 
of the flow which causes the boundary-generated shear and 
turbulence. 

2. The layers formed are advected along constant density 
surfaces into the interior and eventually lose their step charac- 
ter. 

The combined effect of these two processes may be paramet- 
rically disguised as a vertical eddy diffusivity in one-dimen- 
sional models. A crude estimate shows that the two processes 
can account for all the vertical eddy diffusion apparent in one- 
dimensional models. The actual mechanism is far from a 
simple one-dimensi,onal process. It involves complicated dy- 
namics both at the boundary and in the interior about which 
we have much to learn. 
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Fig. 2. Profile taken at station KN 60/4 (refer to_Figure 1) down- 
stream of the Corner Rise. Shown are potential temperature 0, salinity 
S, and light scattering N, versus pressure depth. Also superposed is a 
scatter plot of potential temperature versus salinity which includes the 
historical data of Worthington and Metcalf[1961]. The multiple layers 
are due to advection of mixed layers formed at their respective isopyc- 
hal depths on the Corner Rise. The water mass in each layer has the 
same characteristic as the background water mass. Both down and up 
traces of potential temperature and light scattering are shown; the up 
traces are dotted and only shown below 5200 dbar. Light scattering is 
shown increasing to the left to emphasize similarity with potential 
temperature and salinity traces. 

30 cm/s (refer to Figure 3b of Armi and Millard [1976]. This 
compares well with the velocity measured at the location of 
profile KN 60/4 (Figure 2) and other velocities shown for the 
Sohm Abyssal Plain region in Figure 1. The flow is thus 
energetic enough to have mixed these layers. As the flow 
moves by the Corner Rise, these layers presumably detach and 
are then carried into the interior. The layers are distinct at the 
location of station KN 60/4 only 3-4 days downstream of the 
Corner Rise, 100 km away. Similar step structures are also 
evident in the near-surface 800-m depth profiles of Wunsch 
[1970, 1972]. He shows a systematic change in the temperature 

gradient as measured with a STD as the Bermuda Islands are 
approached and suggests the possibility that the stirring mech- 
anism is the breaking of internal waves. 

The profiles made as the package was both lowered and 
raised are shown for station KN 60/4 (Figure 2). The charac- 
ter of the profile obtained as the package was raised was 
identical, i.e., multiple layers were again found. However, as 
the profiler got above the first bottom layer, the numbers and 
locations of the layered structures were found to be different. 
For example, instead of the three-step structure found on the 
way down between 5300 and 5500 dbar, only two larger steps 
were found on the way up. In the approximately 20 min 
between crossing 5400 dbar on the way down and the sub- 
sequent crossing on the way up, advection of 30 cm/s can 
alone account for a Lagrangian spatial separation of •400 m. 
The structures found a few hundred meters above the bottom 
have limited horizontal extent. 

The included 'nephelometer shows that the light-scattering 
profile has a structure nearly identical to that of the salinity 
and potential temperature profiles. The small 1- to 2-tzm parti- 
cles, the concentration of which the nephelometer is most 
sensitive to, have a very slow settling rate of •10 m/yr [cf. 
McCave, 1975]. For the advective processes with which we are 
dealing here they are essentially passive tracers. It appears as 
though the particulate matter was also mixed, to form the 
various nepheloid layers seen, from a background gradient of 
particulate matter just as the potential temperature and salin- 
ity were. If the material had been resuspended from the bot- 
tom at the depths on the Corner Rise where the mixed layers 
were formed, the concentration in each layer would be a 
function of the amount of locally resuspended material; in 
contrast, the concentration appears predetermined by the 
background gradient, and little local resuspension has oc- 
curred. 

Water mass anomalies. Some profiles made along 55øW 
show an anomalous water mass at a potential temperature 
between 1.80 and 1.81øC. This anomaly is evident in the 
profile made at station KN 60/9 (Figure 3) as the 150-m-thick 
layer sandwiched between the uniform stratification above and 
the bottom mixed layer below. This bottom layer and the 
stratification above lie on a straight 0 versus S characteristic, 
parallel to the Worthington and Metcalf [ 1961] characteristic 
shown. The anomalous layer sandwiched between is •0.0015%o 
saltier than the background water mass would be at the 
same potential temperature of 1.81øC. 

The anomalous layer found at station KN 60/9 is seen at the 
same potential density (a4 = 45.96) as the bottom layer at 
station KN 60/7 (Figure 4). The anomaly is due to a higher 
concentration of water with Norwegian Sea water character- 
istics [cf. Worthington, 1976]. Similar anomalous water was 
seen in the Geosecs station 28 profile [Bainbridge et al., 1976] 
at 39ø0.0'N, 43ø59.0'W near the bottom of the submarine 
canyon to the east. 

Recently, in August 1977, similar anomalous water was also 
found on an R/V Oceanus cruise at station OC 31/1 (Figure 5) 
over the northern Hatteras Abyssal Plain. The nephelometer 
used on this cruise was of a new type developed at Woods 
Hole. It measured forward angle (•6-8 ø) scattered light from 
a collimated white light source. This profile, as well as those of 
Figure 6, was added to the paper because it illustrates the 
persistence of the thin anomalous layer over large distances 
and long times; at 31ø43.8'N, 70ø44.9'W, station OC 31/1 
was to the west of the area included in the map shown in 
Figure 1. The profile illustrates the usual well-mixed bottom 

Armi, 1972
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apply the maximum heat flux Q0 5 200 W m22 (heat
input) at one end of the box. At the other end the sur-
face flux is 2200 W m22 (cooling). Symmetry about the
midpoint of the domain means that the initial temper-
ature (T 5 208C) remains the average temperature for
the duration of the simulation, substantially reducing
the required spinup time (relative to a run with thermal

relaxation boundary conditions, e.g., in which the bulk
temperature of the whole domain has to adjust to reach
equilibrium). The surface buoyancy forcing is varied
to gauge the effects on the generation of the available
potential energy.

Wind forcing and tides are set to zero (i.e., Ft 5 0), but a
uniform level of turbulence is assumed and parameterized

FIG. 4. Dependence of the time-averaged overturning circulation upon the vertical diffusion coefficient
(surface buoyancy flux is fixed, with Q0 5 200 W m22). The maximum streamfunction quoted is that for
a two-dimensional flow in a basin of 1-m width, while the density range is Dr 5 rbottom ! rtop. The 208C
isotherm is shown in gray.
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ABSTRACT

The overturning circulation of the global oceans is examined from an energetics viewpoint. A general
framework for stratified turbulence is used for this purpose; first, it highlights the importance of available
potential energy in facilitating the transfer of kinetic energy to the background potential energy (defined as
the adiabatically rearranged state with no motion). Next, it is shown that it is the rate of transfer between
different energy reservoirs that is important for the maintenance of the ocean overturning, rather than the
total amount of potential or kinetic energy. A series of numerical experiments is used to assess which energy
transfers are significant in the overturning circulation. In the steady state, the rate of irreversible diapycnal
mixing is necessarily balanced by the production of available potential energy sourced from surface buoyancy
fluxes. Thus, the external inputs of available potential energy from surface buoyancy forcing and of kinetic
energy from other sources (such as surface winds and tides, and leading to turbulent mixing) are both nec-
essary to maintain the overturning circulation.

1. Introduction

The energy budget associated with the overturning
circulation of the oceans provides insights into the
governing dynamics. However, the budget currently
contains many unknowns (e.g., see Huang 1998, 1999;
Wunsch and Ferrari 2004). The resolution of these un-
knowns is essential in addressing problems such as the
response of the overturning circulation to changes of
forcing and in highlighting processes that need to be
addressed in the development of general circulation
models and climate models.

One area of debate motivating this paper concerns the
extent to which the overturning circulation is powered
by energy inputs from the surface winds and tides. Nu-
merous energy analyses (e.g., Wunsch and Ferrari 2004)
point out that the expansion and contraction of surface
waters owing to surface buoyancy forcing can result in
a small net change in potential energy. A current popu-
lar interpretation is that this mechanical energy input is
unimportant for powering the circulation (Huang 1999;

Wunsch and Ferrari 2004; Kuhlbrodt et al. 2007). How-
ever, a simple example illustrates the flaws in this rea-
soning (Fig. 1). The potential energy and total mass in the
box are identical in Figs. 1a and 1b, but a flow will occur in
Fig. 1b and not in 1a. The reason is that the fluid in Fig. 1b
is not at equilibrium and therefore possesses available
potential energy, which is released by driving a flow that
acts to restore equilibrium. The rate of such conversion of
available potential energy was estimated by Griffiths and
Hughes (2004) for the (steady state) oceans as the product
of the rate at which buoyancy is removed at the surface
and the height through which the dense water falls. Based
on the observed meridional heat transport (approximately
2 PW) and the assumption that dense surface waters sink
to the bottom (at approximately 4-km depth), this con-
version rate evaluated to 0.5 TW and therefore constitutes
a significant contribution to that required for the main-
tenance of the density structure—thought to be of order 2
TW for the abyssal oceans (e.g., Munk and Wunsch 1998;
Wunsch and Ferrari 2004), and probably significantly less
if wind-induced upwelling (Toggweiler and Samuels 1998;
Webb and Suginohara 2001; Gnanadesikan et al. 2005)
and entrainment into sinking regions (Hughes and Griffiths
2006) are taken into account. It is the role of available
potential energy in the ocean overturning circulation
that we examine specifically in this paper.
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Stabilizing
buoyancy input

Destabilizing
buoyancy input

Destabilizing
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Figure 4
Dye visualization of the nominally two-dimensional circulation pattern in an experiment with
two localized plumes. Red and blue dyes (passive tracer) were introduced simultaneously into
the boundary layer at one-fourth and three-fourths of the distance along the base of the box.
The buoyancy transport in the plume at the left-hand end (red dye) is approximately 4%
greater than that in the plume at the right-hand end (blue dye). The box dimensions are 1.25 m
long by 0.2 m high, and the total specific buoyancy transport (per unit width in the spanwise
direction) is 1.6 × 10−6 m3s−3. Note that the plumes are not clearly visible because of
parallax. Figure courtesy of M. Coman.

are important to understanding whether the idealized convective flows with multiple
equal plumes, as discussed above, are stable to perturbations and thus realizable. It is
worth nothing that imposed buoyancy boundary conditions (i.e., imposed boundary
temperatures) may also alter the stability characteristics of the flow because interac-
tions between the flow and the boundary condition determine the buoyancy transport
and thus the location of a plume, in contrast to boundary conditions of imposed buoy-
ancy supply. Peterson’s (1979) exploratory model suggests that the circulation pattern
is extremely sensitive to the relative strengths of two almost equal plumes. However,
he found that the density stratification depends only weakly on the relative strengths
and is a minimum when the plumes are equal. These model predictions are sup-
ported by measurements in recent horizontal convection experiments (M.A. Coman,
R.W. Griffiths & G.O. Hughes, in preparation), in which the imposed destabilizing
buoyancy forcing had (unequal) maxima at both ends of the box and the resulting
flow formed two (unequal) plumes (Figure 4). Answers to the sensitivity question
may provide insight into the observed structure of the ocean meridional overturning
circulation, in which dense waters form in the polar regions of both hemispheres, but
only that formed around Antarctica supplies the bottom water for the global oceans,
whereas that formed in the North Atlantic Ocean intrudes at depths above the bottom
water (as North Atlantic Deep Water).

4.4. Thermohaline Effects
Fluxes of both heat and salt (or water) determine the buoyancy flux at the ocean
surface. Although the salinity contribution is generally a small fraction of that owing
to heat, the annual-averaged net freshwater input to surface waters at polar latitudes
and the net evaporation at low latitudes constitute a buoyancy forcing that tends to
oppose the thermal forcing. A stably stratified polar halocline results. (Note, however,
that the volume transport of water associated with the salinity anomaly flux can be
neglected relative to the mean strength of the overturning flow.)
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Toggweiler& Samuels (1998),Webb&Suginahara (2001), and others explored
a recent version of these ideas. The motivation can be understood again from
Figure 1. Between 50 and 60�S, surfaces of constant density outcrop at the sea
surface, where the fluid is acted on by a very strong wind forcing and buoyancy
exchange. In this region of intense westerlies, the Ekman flux drives fluid strongly
from high to low latitudes, and provides a turbulent energy more than adequate
to mix fluid at high rates across the near-surface isopycnals. Such a process must
be at work, and although it has not been quantified, appears to be a major source
of mixing for the upper ocean. However, below about 1300 m, no outcrops ap-
pear in the section. Further south, off the end of the data, outcrops do occur,
often under ice, but they correspond to regions of injection of deep water masses,
not of mixing. Examining the many new hydrographic sections that are available
(http://whpo.ucsd.edu) suggests that isopycnals below a bounding isopycnal in a
mid-water column do not generally outcrop anywhere, except where deep waters
are injected. Figure 4 shows a schematic of the global meridional circulation.
The upper ocean may be dominated by near-surface mixing—at least in the

Southern Ocean and the tropics. But concluding that most oceanic mixing takes
place at the surface conflicts with the observed need for large mixing at depth
(Table 1). There is a considerable literature devoted to surface mixing, watermass
formation, and subduction; see Large & Nurser’s review (2001). These processes
are important, but seem primarily related to the structure of the thermocline and
above, and not to the vast region of ocean volume below the thermocline, which
is our present focus.

Figure 4 Schematic circulation (adapted from a global calculation of K. Speer, private
communication, 2003) showing division into gross meridional circulations in the upper and
lower oceans. Relative volumes are approximately correct. Upper volume is strongly mixed
in the near-surface regions. Lower one is mixed primarily at the edges and over rough interior
topography. There is probably a range of densities at intermediate depths where fluid is mixed
both at the sea surface and through abyssal processes in unknown proportions.

Southern Ocean Upwelling

Wunsch and Ferrari, 2004
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Figure 5 | Idealized simulations of the ACC. Results from numerical simulations of an eddying re-entrant channel showing the wind and surface heat fluxes
driving the channel flow (overlaid above); an instantaneous three-dimensional snapshot of the model’s temperature field T (here coincident with density
⇢= ⇢ (T)), with two density surfaces picked out in white, undulating in concert with the mesoscale eddy field; and time-mean overturning cells  ,  ⇤ and
 res (computed as defined in equation (1)) with time-mean density surfaces plotted in white. Also shown is an instantaneous section of tracer released
into the flow. Antarctica is imagined to be on the left. The model is the MITgcm run at a horizontal resolution of 4 km over a 1,000 km by 3,000 km domain.
The cooling (blue), warming (red), cooling pattern of air–sea fluxes, on moving out from Antarctica, are arranged to be reminiscent of Fig. 4b, and lead to
the particular pattern of upper and lower residual overturning cells seen in  res. More details can be found from Abernathey and colleagues45.

large-scale circulation is small, a condition well satisfied in the ACC
system. The meridional mass flux, vh, equation (1), is driven by the
three terms appearing on the right-hand side of equation (2). In
mid-latitudes, winds and pressure forces dominate the budget. But
in the upper levels of the ACC where zonal flow does not intersect
with bottom topography (1P = 0), the eddy-forcing term enters at
leading order, balancing in part the wind forcing and resulting in a
meridional residual flow.

Using the momentum budget in equation (2), we can now
infer the MOC and its upwelling pattern in terms of hydrographic
measurements of the density field. Hypothesizing that eddies
mix potential vorticity49, vres is an inevitable and rather general
consequence of eddies acting on the geometry of the isopycnal layers
to smooth out thickness gradients. Beneath the direct influence of
thewind and above topographic ridgeswhere Fwind and1P are zero,
equation (2) implies that:

vh= �h2

f
v 0Q0 = h2

f
K
@Q
@y

= �K

 
@h
@y

� h
f
�

!

' �K
@h
@y

(3)

where themeanQ gradient is evaluated on a density surface ofmean
thickness h, K is an eddy diffusivity acting along density surfaces,
y is a coordinate increasing northwards and � is the meridional
gradient of f . In the ACC, meridional gradients inQ are dominated
by thickness gradients50 and so to a good approximation the residual
flux is directed from regions where density layers are thick to
regions where they are thin. In Fig. 4d we present a zonal average
density section around Antarctica, with T and S superimposed. The
thickness gradient is evident by comparing the vertical extent of the
white arrows drawn at different latitudes. The thickening of layers
moving northwards implies, from equation (3), a southward and
upward volume transport—a thickness diffusion51—directed along

sloping isopycnals, as marked by the black arrow in Fig. 4d, just
as inferred from observations (Fig. 3) and evident in the eddying
model (Fig. 5). This is the primarymechanism,we believe, returning
water frommid-depth to the surface. The implied volume flux is of
magnitude LxK@h/@y where Lx ' 20,000 km, (assuming the eddies
are acting all the way around the ACC), @h/@y is the meridional
thickness gradient, typically 500m in 1,000 km, andK measures the
vigour with which the eddy field smooths out thickness gradients.
If K = 1,000m2 s�1, typical of eddy diffusivities at mid-depth,
such gradients imply a residual southward and upward water
mass transport of roughly 10 Sv (refs 26,28), much less than the
Ekman transport but comparable to the strength of the upwelling
branch observed in Fig. 3. So, what are the implications of this
upwelling branch for climate?

The SouthernOcean in climate and climate change
The North Atlantic MOC has long been considered a major
control of the climate system52. However, along with the growing
realization of the importance of the upwelling branch of the MOC,
the Southern Ocean is now taking centre stage in discussions of
processes that drivemodern and ancient climate variability53.

Proxy data show that for a period of at least the past
800,000 years, Antarctic temperatures have covaried with atmo-
spheric CO2, although the relationship may not be causal. More-
over, it seems likely thatmarine processes operating in the Southern
Ocean may have played a central role in setting atmospheric
CO2 levels on glacial–interglacial timescales54. Biogeochemical box
models indicate the strong sensitivity of atmospheric CO2 levels
to perturbations of high-latitude surface ocean processes55,56. The
precise mechanisms are an active area of research.Many hypotheses
invoke variations in the efficiency of communication between the
carbon reservoir of the deep ocean and the surface. Accumulation of

176 NATURE GEOSCIENCE | VOL 5 | MARCH 2012 | www.nature.com/naturegeoscience

Abernathy + Marshall
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Nikurashin and Vallis, 2011

Fig. 8. Schematic of the meridional overturning circulation. Thin solid black lines are the isopycnals, thicker dashed black
lines with arrows are the overturning streamlines of the residual circulation, dashed vertical lines are the boundaries between
adjacent regions, shaded gray areas are the convective regions at high latitudes and the surface mixed layer.

here can in principle be extended to other forms of eddy
parameterization.

Equations (3.1)–(3.4) describe the distribution of buoy-
ancy b1 and the residual overturning circulation  1 within
the channel. For the typical circulation in the Southern Ocean
driven by the westerly winds, the surface buoyancy distri-
bution across the channel is continuously mapped through
interior of the channel to its northern edge. To complete
the problem, boundary conditions at the surface and at the
northern edge of the channel need to be specified. At the
surface, at z = 0, we use the restoring flux boundary condi-
tion,

v@zb1|z=0 = �(bs � b1), (3.5)

where bs(y) is the prescribed surface restoring buoyancy
and � is the restoring rate. At the northern edge of the
channel, at y = 0, the buoyancy distribution in the channel
is required to match to that in the ocean basin north of the
channel, i.e.

b1|y=0 = b2, (3.6)

where b2(z) is the vertical buoyancy distribution in the inte-
rior of the ocean basin. Trivial boundary conditions of no-
flux and no-normal flow are imposed at the bottom, z = �H,
and the southern boundary of the channel, y = �ls , where
H is the depth of the domain and ls is the width of the

circumpolar channel.
Equations (3.1)–(3.4) and the boundary condition (3.5)

and (3.6) fully constrain the buoyancy distribution, and
hence the residual overturning circulation, in the circum-
polar channel. If stratification in the ocean basin were pre-
scribed then the theory would become similar to a model of
the upper branch of the meridional circulation of Marshall
and Radko (2006). However, stratification in the ocean basin
north of the channel is not independent of the channel dy-
namics but rather influenced, or perhaps even set, by the
Southern Ocean processes as suggested by various numerical
simulations (Vallis 2000; Henning and Vallis 2005; Wolfe and
Cessi 2010). In the section below, we describe the dynamics
that governs stratification in the ocean basin, and so that
determines b2(z).

2) Dynamics in the ocean basin

In the interior of the ocean basin (region 2), isopycnals
are assumed to be flat, i.e. b2 = b2(z). The vertical buoyancy
distribution b2(z) is assumed to be governed by the vertical
advection-diffusion balance,

w2@zb2 = @z (v@zb2) , (3.7)
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Fig. 9. Zonally-averaged sections of residual circulation (Sv, blue/red) and temperature (° C, black lines) from the GCM
simulations (left column) and theory (right column) for the control experiment with v = 2⇥ 10�5 m2 s�1 and ⌧ = 0.2 N m

�2

(top row), an enhanced mixing experiment with v = 5 ⇥ 10�5 m2 s�1 (middle row), and a reduced Southern Ocean wind
experiment with ⌧ = 0.1 N m

�2
(bottom row).
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